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[1] Two thermal transfer algorithms for soil are used to investigate the diurnal vertical
temperature variation in the common case of a vertically heterogeneous thermal diffusivity
and the considerable liquid water flux which generally exists in soil when surface
evaporation is large. One algorithm assumes that soil is vertically homogenous and takes
into account only thermal conduction, and the other, developed in our recent study,
considers the vertical heterogeneity of thermal diffusivity in soil and couples thermal
conduction and convection (e.g., heat transfer by water flux). Theoretically the two
methods are identical for vertically homogenous dry soil. On the basis of soil temperature
data collected at a bare soil site over the Loess Plateau of China during the period from
DOYs 197 to 241, 2005, we found that the new algorithm gives a realistic estimate of
soil temperature while the previous one, on average, overestimates either the diurnal
amplitude by 0.95 K or the phase shift by 0.207 rad (i.e., 47.44 min) at the soil depth of
0.10 m. Using the new algorithm and measurements of soil temperature, we determine
the soil thermal diffusivity and a variable that represents the sum of the vertical gradient of
soil thermal diffusivity and water flux density at three levels within the first 0.40 m of the
soil surface. We also simulate the soil temperature for the depths of 0.20 m and 0.40 m,

and the results are in satisfactory agreement with direct measurements. The main
contribution here is to provide analytic insight into the role of heterogeneity and some
simple formulae as tools for interpretation of the role of heterogeneity in observed diurnal

temperature variations.

Citation: Gao, Z., D. H. Lenschow, R. Horton, M. Zhou, L. Wang, and J. Wen (2008), Comparison of two soil temperature
algorithms for a bare ground site on the Loess Plateau in China, J. Geophys. Res., 113, D18105, doi:10.1029/2008JD010285.

1. Introduction

[2] Surface temperature and soil moisture content are
important hydrologic parameters which affect exchanges
of sensible and latent heat between the atmosphere and the
land surface, which in turn affect soil temperature. In the
early literature, the temperature of homogeneous soil was
derived as a solution of the heat diffusion equation with
a constant diffusivity in a semi-infinite medium under
periodic forcing at the soil surface [Van Wijk and de Vries,
1963]. Nerpin and Chudnovskii [1984] examined the
periodic temperature variations in an inhomogeneous soil
where the thermal properties were described by linear
profiles. Novak [1986] calculated the effective daily atmo-
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spheric and soil thermal admittances by using harmonic
solutions to the one-dimensional heat transfer equation for a
semi-infinite medium. The thermal properties of both media
were assumed to be power functions of depth only and he
showed how to calculate the parameters in these functions.
Later, Novak [1991] proposed a new analytical theory that
accounts for aperiodic transient effects and compared his
predictions with measured soil temperatures. His theory also
accounts for the observed soil warming trend but is sensitive
to small errors in the prescribed soil surface heat flux.
Massman [1993] examined periodic temperature variations
in an inhomogeneous soil where the thermal properties were
prescribed by exponential profiles.

[3] More recently, soil heat transfer has been shown to be
caused by a complex combination of conductive processes
and intraporous convective processes [e.g., Passerat de
Silans et al., 1996], which has led to the development of
solutions for the thermal conduction-convection equation.
Examples of results using such a model are given by Shao et
al. [1998], Ren et al. [2000], and Gao et al. [2003]. Shao et
al. [1998] compared analytical results with data collected
during a field infiltration experiment involving natural
diurnal variations of soil temperature and showed that the
predicted temperatures were very similar to the direct
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measurements. Ren et al. [2000] presented a method to
determine soil water flux and pore-water velocity by a heat-
pulse technique. Their method improved upon earlier
methods by reducing distortion of the water flow field
and minimizing heat-induced soil water redistribution.
Karam [2000] developed a novel thermal wave model based
on the wave-like characteristics of periodic heat flow for
studying heat transfer in nonuniform soils. Gao et al. [2003]
solved analytically the equation for one-dimensional
thermal conduction-convection in vertically homogenous soil
by applying the harmonic method. Verhoef et al. [1996]
examined soil thermal diffusivity at the HAPEX-Sahel site
(Africa) by using five methods and Verhoef [2004] presented
a method to estimate thermal inertia (the soil capacity times
the square root of the soil thermal diffusivity) remotely from
micrometeorological measurements. Massman and Frank
[2004] measured soil temperatures and heat fluxes at several
soil depths before, during, and after a controlled surface burn
at Manitou Experimental Forest (southern Colorado, USA) to
evaluate its effects on the soil’s thermophysical properties
(thermal conductivity and volumetric specific heat capacity).
During the burn the soil was heated to over 400°C at a depth
of 0.02 m and to almost 100°C at 0.30 m. Relatively high
temperatures persisted for several hours to days even over 1 m
deep into the soil. They found that soil thermophysical
properties, estimated before and after the fire with a new
model of periodic heat flow in soils, were not significantly
changed between the times shortly after sensor installation
(October 2001) and 1 month after the fire (February 2002).
Furthermore, Massman et al. [2008] examined long-term
changes in the soil temperature and heat fluxes resulting
from fire by developing and using an analytical model of the
daily and annual cycles of soil heating and cooling. Their
modeling results suggest that under dry soil conditions
typical of the experimental forest, the amplitudes of the daily
and seasonal cycles of soil heating/cooling in the fire-affected
soils greatly exceeded those in the soils unaffected by fire
for several months to years following the fire and that
these effects propagate to depths exceeding a meter. These
studies typify the latest developments in determining soil
temperature distribution.

[4] Recently, Holmes et al. [2008] applied two field data
sets to models of near-surface soil temperature profiles in
bare soil. They showed that the commonly used solutions to
the heat flow equations by Van Wijk and de Vries [1963]
perform well when applied to deeper soil layers, but resulted
in large errors when applied to near-surface layers, where
more extreme variations in temperature occur. Their expla-
nation is that these approaches do not consider heat sources
or sinks below the surface.

[5] The land-air interaction over the Loess Plateau located
in midwestern China affects the weather and climate in
northwest China [Wang, 2004]. In the Simple Biosphere
Model 2 (hereinafter, referred to as SiB2) which has been
frequently used in GCMs [Randall et al., 1996] for esti-
mating global land surface turbulent fluxes, soil surface
temperature is calculated by using the surface energy
balance equation, i.c., the force-restore method. After soil
surface temperature is determined and taken as the upper
boundary condition, soil temperature in deeper layers
is estimated by using the traditional thermal conduction
equation where the soil thermal diffusivity is parameterized
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by using soil volumetric water content [Sellers et al., 1996]
and the impact of vertical water flux on soil temperature is
neglected. Few presentations have been made regarding soil
thermal properties and temperature distribution in bare soil
on the Loess Plateau. To satisfy these needs, this paper
quantifies the soil heat diffusivity over the Loess Plateau,
and compares two algorithms for estimating soil temperature
using the data collected during the Loess Plateau land surface
process field Experiment (LOPEX) in 2005. The first algo-
rithm, widely used in the early literature, assumes that soil is
vertically homogenous and takes into account only thermal
conduction. The other algorithm, developed from the work
by Gao et al. [2003], considers the vertical heterogeneity of
thermal diffusivity in soil and couples thermal conduction
and convection (e.g., heat transfer by water flux).

2. Review and Comparison of the Two
Algorithms
2.1. Classical Thermal Conduction Equation for Soil
Temperature

[6] Following Van Wijk and de Vries [1963], we utilize the
fundamental periodic solution of the heat diffusion equation

OT |0t = kO*T /92, (1)

where k is the thermal diffusivity and k = MC, where A is
the thermal conductivity and C, is the volumetric heat
capacity of the soil. Given the boundary condition at a depth
23 T |oesy = T + Ay sin (wt — ®,) with ¢ > 0, the soil
temperature (7) at a depth z; can be calculated via

T(z1,t) = Ty + A2 exp|—(z1 — z2)a] sinjwt — &) — (21 — 22)ql,
(2)

where z is the vertical coordinate positive downward, ¢ the
time; T; and T, are the arithmetical averages of the daytime
maximum soil temperature and the nighttime minimum soil
temperature, and A, is half of the difference between the
daytime maximum value and the nighttime minimum value
for soil depth of z,; w is the angular velocity of the Earth’s
rotation; ¥, is the initial phase of soil temperatures at depth
z,, obtained by using the best approach method [Gao et al.,
2003]; and a = +/w/2k, where o is the damping depth of
the diurnal temperature wave. Equation (2) implies that the
amplitude of the soil temperature wave exponentially
decreases and its phase linearly increases for increasing
soil depth. If the mean temperature profile is given, the only
unknown parameter is the soil thermal diffusivity.

2.2. Soil Temperature Rate Equation With Vertical
Heterogeneity of Soil Thermal Diffusivity Coupled With
Thermal Conduction and Heat Transfer by Water Flux

[7] Equation (1) assumes that the soil is vertically homoge-
neous. But & can vary (increase or decrease) from the surface
downward in a shallow layer for most soils. Equation (1) can
therefore be improved as follows:

or_1 2,00y 28T 1 onar

ot Cg0z\ Oz Cy 022 Cq 0z Oz
BT ko
02 0z Oz
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Neglecting the vertical heterogeneity of k, Gao et al. [2003]
incorporated thermal conduction and convection together as
follows:

or _ &*r Cy IT "
o For e, e (1)
where w is the liquid flow rate (positive downward) and 6 is
the volumetric water content of the soil. C,, is the heat
capacity of water. These four quantities are assumed
1ndependent of z for a thin soil layer in the present work.
w9 was defined as water flux by Gao et al. [2003].

[sﬁ Combining equations (1) and (1”),

a_Tf @+ B_T (3)
ot o2 0z’

where, W = gk CC” . One can see that w consists of two
parts: (1) , the vertical gradient of soil diffusivity and (2)
—CC—WO the water flux density. Similar to Gao et al. [2003],
given the boundary condition mentioned above, the solution
to equation (3) is
T(z1,t) = T1 + A2 exp|—(z1 — z2)aM]
-sinfwt — ®y — (21 — z2)aN], (4)

where M = (W + f 77 + (W* + %!21"%) and N =

V2P + (W + 48121712, Comparing equation (4) with
equation (2), M and N are the additional terms obtained
from the solution to equation (3). It must be noted that
equation (4) is really not a solution to the equation with
variable £ but is expected to adequately approximate the
solution over a layer over which k does not vary too much.

[0] We let 41 = A, exp[—(z; — z)M] and & = P, +
a(zy — zp)N. Then @, and P, are initial phases of soil
temperatures at the depths z; and z,, respectively. Assum-
ing z; >z, (i.e., A; < A and @, > ®,), Gao [2005] derived
the followed equations:

(z1 — z2)*win(4, /4)

(5)

(@) — D) (@ — @210 (4,/)]
w(z) — 22) [—(®) — ®,)+1n (A /A,)
O =Dy | (B — Dy +1n? (A /Ay)
w(zl —22) 21]12 (Al/Az) 1 (6)
O D (D — )P+ In? (A /AY) |

2.3. Theoretical Comparison Between the Two Soil
Temperature Rate Equations

[10] A comparison between equation (4) and equation (2)
shows the following.

[11] 1. The solutions to equations (2) and (4) are identical
for vertically homogenous dry soil where W= 0 because Ok/
0z = 0 for vertically homogenous soil and —CWW9 =0 for

dry soil. Applying W = 0 to equation (6) results in

q)z — cbl = *ln(Az/Al) = ln(Al/Az) = *(Zl 722)047 (7)
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and applying equation (7) to equation (5) results in
k= (21— 2)’w/[2(®1 — )7, (8)
or
k=(z1 — ) w/RIn* (4, /4,)). (9)

Equations (8) and (9) are the standard equations given by
Horton et al. [1983], who called them the phase and
amplitude methods, respectively. Equation (8) allows soil
thermal diffusivity to be calculated by using the phase
difference of soil temperatures at two depths, and equation
(9) shows that soil thermal diffusivity can be calculated
from the amplitude ratio of soil temperatures at two depths.
Because 4, # A4,, & # ®, and z; # z,, k > 0 always,
equations (7)—(9) imply that for vertically homogenous dry
soil: (1) the phase shift is equal to the logarithm of the
amplitude ratio of soil temperatures at two depths; (2)
thermal conduction still occurs whereas convection does
not; and (3) soil thermal diffusivity k£ can be determined
using either amplitudes or phases of soil temperatures
collected at two depths.

[12] 2. Equation (2) shows that for any vertically
homogenous dry soil layer of thickness (z; — z5): @, —
®; =1In (4,/45) = — « (z; — z»). However, for a soil layer
where W # 0, equation (4) gives In (4,/4,) = — (z; — zp)aM
and @2 — (bl =— (Zl — Zz)CYN. When > 0, In (A 1/A2) < @2 —
(1)1 < O, and when W < 0, 0>1In (Al/Az) > @2 — @1.

[13] 3. For W > 0, if soil thermal diffusivity is estimated
from equation (8) to be, say, kj, it will be overestimated.
Equation (2) therefore will overestimate the soil temperature
amplitude, because 0> — (z; — z2)\/w/2k; > — (z; — z2)aM.
Physically, this is easy to understand. For example, for a
vertically homogenous wet soil layer with significant
evaporation at the soil surface at noon during clear days,
the warm liquid water stored near the surface will evaporate
and the cold liquid water beneath will flow upward toward
the surface, so the surface layer will become cooler [Gao,
2005]. Equation (2) does not account for this process, so it
will generate a warmer surface layer under these conditions.

[14] 4. If k is estimated from equation (9) to be, say, k, it
will be underestimated. Equation (2) will overestimate
the phase shift of soil temperature, because the inequality,
— (z1 — 22)\/w/2ky < — (z; — zp)aN < 0, will always hold
whether W > 0 or W < 0.

3. Field Experiments

[15] The data used here were collected at a bare soil site
on the Loess Plateau during an intensive observation period
from DOYs 197 to 241 in LOPEX in 2005. This site,
designed for quantifying the land-atmosphere interaction at
the bare soil surface, was located at 106.42°E, 35.35°N at an
altitude of 1592 m in Pingliang county of Gansu Province in
western China. The ground surface was bare, flat and
homogeneous. The soil at the site was predominantly
medium loam with a high proportion of silt. The site is
located within a semiarid climate zone. The maximum air
temperature was 307 K and the lowest was 249 K, the
annual air temperature and precipitation were 279 K and
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Figure 1. Temporal variations of soil temperature (K) measured at depths of 0.05 m, 0.10 m, 0.20 m,

and 0.40 m at a bare soil site on the Loess Plateau from DOY 197 through DOY 241, 2005.

510 mm with 2425 hours of sunshine, and 170 frost-free
days per year all averaged over the last 50 years [Wei et al.,
2005].

[16] Soil temperature and volumetric water content were
measured at 0.05 m, 0.10 m, 0.20 m, and 0.40 m depth, and
all of the sensor outputs were recorded and averaged over
10 min intervals, by Campbell (Campbell Scientific Inc.)
TCAV-averaging Soil Thermocouple Probes and CS615
Soil Moisture Reflectometers, respectively.

[17] Standard micrometeorological measurements were
also made at the site, including four radiation components,
wind speed, wind direction, air temperature, air relative
humidity, air pressure and precipitation. We do not include
the micrometeorological measurements here for brevity.

4. Results and Discussion

[18] Figure 1 shows the diurnal variation in soil temper-
atures measured at 0.05 m, 0.10 m, 0.20 m, and 0.40 m
depths at the bare soil site throughout the experimental
period. The diurnal cycle at shallow depth is larger than that
at greater depths so that the soil temperature at a shallow
level was higher (lower) than that at a deeper level in
daytime (nighttime). Only the soil temperature collected at
0.05 m changed in response to the intermittent cloudiness.
The maximum (minimum) soil temperature reached
311.13 K (284.66 K) at 0.05 m depth during the experimental
period. The amplitude of the soil temperature cycle
decreased and the phase of the soil temperature shifted ahead
when the soil depth increased. Figure 1 also shows that the
soil vertical temperature gradient reached 191.20 K m™'
for the soil layer from 0.05 to 0.10 m at 1445 local time
(hereinafter referred to as LT) on DOY 204 at this site. Such

large vertical temperature gradients generally exist in soil
with a bare surface owing to large daytime solar heating.
This is the nature of the uncultivated areas on the Loess
Plateau.

[19] Heusinkveld et al. [2004] directly measured the soil
temperature distribution in a sandy desert belt situated
northwest of Negev, Israel, and showed that the amplitude
of the diurnal variation at 0.10 m depth was larger than 7 K.
The amplitude of diurnal variation reached 10.5 K and 5.5 K
respectively at 0.05 m and 0.10 depths at our site. The
diurnal variation of soil temperature amplitude rapidly
decreased with increasing depth and it was almost constant
at 0.40 m depth.

[20] Figure 2 is same as Figure 1 but for soil volumetric
water content. The abrupt increases in soil volumetric water
content at 0.05 m depth occurred at the moment when
precipitation occurred. The gaps in Figures 1 and 2 are
caused by problems in the collection equipment.

4.1. Estimates of Soil Thermal Diffusivity k&
and the Sum(W) of the Vertical Gradient
of Soil Thermal Diffusivity and Water Flux Density

[21] In reality, the soil temperature distribution depends
on many factors, such as absorbed radiation energy, cloud
cover, and some internal physical processes [Gao et al.,
2003]. In our analysis above, for simplicity, we assumed the
soil temperature varies sinusoidally. After using a 2-hour
smoothing technique for soil temperature measured at a
depth of 0.05 m, we applied the sine function, 7, = T + 4,
sin (wt — ®,), to best approximate the curve of soil
temperature collected at the depth of 0.05 m, and applied
the sine function, T; = T} + 4, sin (wt — ®)), to approximate
the curve of soil temperature collected at the depth of

4 of 11



D18105 GAO ET AL.: SOIL TEMPERATURE ALGORITHMS D18105
40 T T T T T T T
30
201
10 1 1 | 1 1 | 1
196 198 200 202 204 206 208 210 212
40 . . . . , . .
E
€ 30[ A ¢ i
5 _ > .
fa=Svewn g =) ———
= U :
= \’w
E 10 1 1 1 1 1 1 . 0.05m
212 214 216 218 220 222 22 0.10m 228
0.20 m
40 T T T T T T 040 m
300 -
i e m ]
10 1 1 | 1 1 | |
228 230 232 234 236 238 240 242 244
DOY, 2005

Figure 2. Temporal variations of soil volumetric water content (m®> m ) measured at depths of 0.05 m,
0.10 m, 0.20 m, and 0.40 m at a bare soil site on the Loess Plateau from DOY 197 through DOY 241,

2005.

0.10 m for each day, respectively. The temporal variations
of k and W are therefore obtained by using equations (5) and
(6) for three soil layers: from 0.05 m to 0.10 m, from 0.10 m
to 0.20 m, and from 0.20 m to 0.40 m in Figure 3. On
average for the three layers, k£ = 3.70 x 107 m? s~ ', k =
6.54 x 1077 m*> s7', and k = 2.55 x 1077 m* s/,
respectively. It is obvious that £ is vertically heterogeneous;
it first increases just below the surface and then decreases
dramatically downward at our site. As shown above, £ is
determined by using equation (5) where the amplitudes and
phases of soil temperature measured at two depths are used,
which means that equation (5) assumes obvious diurnal
variations in soil temperatures at two depths. Figure 1
shows that the diurnal variation in soil temperature at
0.4 m depth is not significant. The complication of deter-
mining the amplitude and phase of soil temperature at this
depth would cause uncertainties in k& regardless of how
carefully it was estimated. Garratt [1992] presented some
representative values of thermal diffusivity. The values
obtained here for the top two layers are close to his value
for thermal diffusivity of clay soil with a volumetric soil
water content of 20% (5.2 x 107" m? s ™).

[22] For this same case, W = 1.65 x 10 *m s, W=
1.01 x 10°ms !, and W= —240 x 10" * m s ' As
given above, W = 0k/0z — (Cy/Cg)wl, where w is usually
expected to be only a few millimeters per day of evapora-
tion flux, and the soil water flux, (Cy/Cg)wl, responds
to the evaporation boundary condition so one can also
expect only a few millimeters per day soil water flux. Thus,
(Cu/C)wh is about half of 0k/Oz, and Ok/Oz is the main
contributor to W.

[23] Shao et al. [1998] assumed that water flux density
(W) is periodic,

or 0T . or
o= kﬁ +a+ bsm(wt)]g7

(10)
where a and b are constants with dimensions of W, and
derived an analytical solution to the problem. In their work,
there were two separate integral processes incorporated in
the analytical solution and the method requires not only the
soil surface temperature, but also the initial soil temperature
profile, which would complicate its use in numerical
models. Our analytical solution (i.e., equation (4)) is more
practical, as it requires only soil surface temperature.

[24] Because W # 0 for our site and the previous method
(i.e., equation (2)) does not account for W, we expect that
the new method (i.e., equation (4)) is better than the
previous method for modeling soil temperature at our site.

[25] Figure 4 shows the variations of soil thermal diffu-
sivity k£ and W with the volumetric soil water content 6. We
see that neither £ nor W change over a narrow range of
volumetric soil water content. Verhoef et al. [1996] found
that k£ increased with increasing volumetric soil water
content for the data collected during the HAPEX-Sahel
experiment in 1992. Gao [2005] found that both £ and W
increased with increasing volumetric soil water content for
the data collected during the GAME/Tibet experiment in
1998. Our results are not the same as with the Tibetan
prairie case because the change in soil heat diffusivity with
depth is influenced by the soil water content profile as well
as soil texture, and the soil contains a quite large percentage
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Figure 3. Temporal variation of (a) soil thermal diffusivity £ (m > s~ ") and (b) W(=2% — Cc—jwa) (ms™")

at a bare soil site on the Loess Plateau from DOY 197 through DOY 241, 2005.
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Figure 5. Comparisons of the observed temperature at a depth of 0.10 m from DOY 197 to DOY 241,
2005, with soil temperature modeled by using: (1) equation (4), where k and W are calculated with
equations (5) and (6); (2) equation (2) where k is calculated with equation (8) and W = 0; and
(3) equation (2) where £ is calculated with equation (9) and W = 0.

of roots at the Tibetan site which is very different from the
soil on the Loess Plateau.

4.2. Comparison Between the Logarithmic Amplitude
Attenuation In(4,/4,) and the Phase Shift &, — &,

[26] For the study period, the logarithmic amplitude
attenuation, In(4,/4,) = — 0.60, and phase shift $, — &, =
— 0.48. The fact that In(4,/4,) < &, — P, illustrates the
problem of using equation (2) for modeling soil temperature
at this site because equation (2) assumes In(4,/4,) = &, — P,.
In fact, In(4,/4,) < &, — P, agrees with the theoretical
analysis (for > 0) given in section 2.3 above.

4.3. Comparison of Two Methods for Modeling
of Soil Temperature

[27] Because both £ (i.e., soil thermal diffusivity) and W
(i.e., the sum of the vertical gradient of soil thermal
diffusivity and water flux density) are determined, soil
temperature at a depth of 0.10 m can be modeled by using
soil temperature measured at 0.05 m depth in equation (4).
In reality, the soil temperature contains many harmonic
waves. We simply assumed that soil temperature measured
at the 0.05 m depth has a single sinusoidal component,
because it helps us obtain an analytical solution (i.e.,
equation (4)). To avoid possible serious errors introduced
by this assumption, we separated the process of modeling
soil temperature at 0.10 m depth by using equation (4) in
two steps as follows: (1) shifting the phase of soil temper-
ature measured at 0.05 m depth by — (z; — z;)aN, and (2)
multiplying the magnitude of soil temperature measured at
0.05 m depth by exp (— (z; — zp)aM). The results are

given in Figure 5. Overall, equation (4) generates a realistic
soil temperature amplitude for the daytime. However,
equation (4) underestimates the soil temperature during
the period from 1800 LT to 0800 LT, and a noteworthy
difference (up to 1.3 K) between the measurements and the
model output occurred around 0200 LT for all days in our
research period. This underestimation was also encountered
by Lin [1980]. The reasons are complicated, because the
model results depend on the initial soil moisture content,
hydraulic conductivity and hydraulic potential gradient. In
equation (4) we applied the observed soil temperature shift
of —0.48 rad in evaluations of k and W.

[28] We also model soil temperature at 0.10 m depth by
using equation (2) where W is neglected. Because In (4,/
Ay) # &, — Py, there are two options (i.e., equation (8) or
equatlon (9?) for determining k leadmg to k = 3.94 x
1077 m?s™ !, and k=2.44 x 107" m?s™", respectively. The
correspondlng values of soil temperature modeled by using
these two values of k are also given in Figure 5. Comparison
of modeled results against the direct measurement shows
the following.

[20] 1. When k was estimated to be 3.94 x 107" m* s~
by using equation (8), equation (2) overestimates soil
temperature amplitude by 0.95 K on average for our
experimental period, but makes a realistic estimate of the
soil temperature phase shift as shown in Figure 5. Using
equation (8) to determine k implies forcing In (4,/4,) to be
equal to AP (= P, — d,), which overestimates the soil
temperature amplitude. To better show the difference
between model outputs and measurements, we plot the
results for a clear day, DOY 204, in Figure 6. Further, the
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Figure 6. Comparison of the observed temperature
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at a depth of 0.10 m on DOY 204, 2005 with soil

temperature modeled by using: (1) equation (4) where k and W are calculated with equations (5) and (6);
(2) equation (2) where k is calculated with equation (8) and W = 0; and (3) equation (2) where £ is

calculated with equation (9) and W = 0.

variations of k and W against In (4,/4,) are given in Figure 7.
It is obvious that when A® is fixed to be —0.48 rad, & (W)
increases (decreases) with increasing In (4;/4,) under the
condition In (4,/4,) < — 0.48. When In (4,/4,) reaches
—0.48, W= 0 and k reaches the maximum value of 3.94 x
1077 m* s'. We also plot the results (open circles) of
k and W for the experimental period obtained by using
equations (5) and (6) in Figure 7. Comparing the average
k(=3.70 x 107" m* s~ ') with k(= 3.94 x 107" m? s~ ")
obtained by using equation (8) shows that equation (8)
overestimates &, directly causing an overestimate in the
soil temperature amplitude from equation (2).

[30] 2. When k was estimated to be 2.44 x 107" m? 5!
by using equation (9), equation (2) reasonably estimates the
soil temperature amplitude, but overestimates the phase
shift of 0.207 rad (=47.44 min) as shown in Figures 5
and 6. Using equation (9) to determine & implies forcing AP
to be equal to In(4,/4,) , which overestimates the soil
temperature phase shift of A® — In(4,/4,) = 0.207 rad.
To help understand this result, the variations of & and W
against A® are given in Figure 8. It is obvious that when
In(4,/45) is fixed to be —0.60, both k& and W increase with
increasing A®. When A® is decreased to —0.60, W= 0 and
k=2.44 x 107" m? s~'. We also plot the averaged results of
k(=3.70 x 1077 m* s~ ") and W(= 1.65 x 107 m s
obtained by using equations (5) and (6) in Figure 8. Com-
paring the average k(= 3.70 x 107" m* s~ ") with k(= 2.44 x
1077 m? s7') obtained by using equation (9) shows that
equation (9) underestimates k, directly causing an overesti-
mate of the phase shift of soil temperature from equation (2).

4.4. Modeling Soil Temperatures for Two Deeper
Layers

[31] As mentioned above, k is estimated to be 6.54 X
107 "m?s ' and 2.55 x 107" m*s™', and W is estimated to
be 1.01 x 10 ®m s~ ' and —2.40 x 107 m s~ (where
minus means that 0k/0z < 0) by using equations (5) and (6)
for the two soil layers: 0.10—0.20 m, and 0.20—0.40 m in
depth, respectively. It is obvious that both & and ¥ changed
significantly with increasing soil depth. We also model the
soil temperature at 0.20 m and 0.40 m depths using equation
(4), and the results are in satisfactory agreement with direct
measurements as shown in Figure 9.

[32] We recommend using equation (4) instead of
equation (2) for estimating soil temperature. However, when
equation (4) is applied in land surface models, M and N (or
equivalently k& and ) are difficult to obtain. This problem
also occurs in obtaining & from current land surface models,
such as SiB2 where W is not used. To solve this problem,
SiB2 parameterizes k by using soil volumetric water content
[Sellers et al., 1996]. We here physically characterize M and
N (or equivalently k and W) to aid in future work. Further-
more, the latest land surface model, the Common Land
Model (CLM) from NCAR, uses a layered numerical soil
scheme which allows for heterogeneity imposed by vertical
variation of porosity, texture, and soil moisture in the terms
of the diffusion equation [Dai et al., 2003].

5. Conclusions

[33] Two algorithms for soil temperature estimation have
been theoretically analyzed and experimentally compared.
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The traditional algorithm assumes that soil is vertically
homogenous and takes into account only thermal conduc-
tion, whereas the new algorithm considers the vertical
heterogeneity in soil and incorporates the impact of upward
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thermal convection (i.e., water transport) on soil tempera-
ture. The main shortcoming of the traditional algorithm is
that it overestimates both the amplitude and the phase shift
of the soil temperature when the vertical gradient of soil
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Figure 8. Variations of (a) soil thermal diffusivity k& (m* s~") and (b) W( = % - %w&) (m s~ ") against
soil temperature phase shift A® (rad) when In(4,/4,) is fixed to be —0.60. ¢
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Figure 9. Comparison of soil temperature modeled by using equation (4) where (W # 0) with the
observed temperatures at two depths, 0.20 and 0.4 m, from DOY 197 to DOY 241, 2005.

thermal diffusivity is large, and/or vertical water movement
in the soil is not negligible. The traditional method produces
a realistic estimate of soil temperature only for vertically
homogenous dry soils.

[34] The analytical procedure proposed here to examine &
and W should help in coupling soil water and heat numerical
procedures in hydrologic models. The results show that the
modeled soil temperature is very sensitive to soil thermal
diffusivity and to its vertical gradient. For the study site, the
results show that k£ and ¥ decrease with increasing soil depth.

[35] We found that the new model gives better agreement
with observations on the Loess Plateau in China than the
traditional model. Further testing of this algorithm over
other types of land surfaces is in progress.
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